carbonates and gypsum, and thin layers of coal. The age of the Tagay Formation is constrained by biostratigraphy (Logachev, 1964) , which was reviewed by Vislobokova (1990) and is assumed to be Lower to Middle Miocene (Mats et al., 2000; Mats et al., 2011) . Given the large uncertainty in the age, we place these samples in our lower Miocene time bin (>14 Ma). The Tagay Sequence (53.15°N; 107.2°E), from which we collected 3 samples, represents a section of sub-parallel bedded continental deposits in the upper part of the Tagay Formation. At the very base of the section there is a layer of fine-grained carbonated sands. Upwards, there is an alteration of brown paleosols, fine-grained sands, and carbonate interlayers up to 0.3 m thick, which we interpret as thick caliche units. The paleosols include many lenses of carbonate. We collected two samples from the lowest and the uppermost carbonate interlayers of the section and one sample from a carbonate lens in the paleosol layer in the middle of the section. The samples show little variance in δ 13 C, though we note that we only have 3 samples from this locality. The Sasa formation uncorformably overlies the Tagay Formation. It consists of lacustrine clays, silts, sands, gravels and a facies of sub-aerial clays and paleosols that represent the first horizon of the Neogene red strata (Vorob'eva et al., 1987) . The age of the Sasa Formation is based on biostratigraphy and paleomagnetic data and determined as Late Miocene to Early Pliocene (Mats et al., 2000) . We collected two samples from the uppermost sequence of the subaerial facies assigned to the Early Pliocene. The Kharaldai section (53.25°N; 107.4°E) comprises red-cinnamonic 8-meter thick paleosols that overlie sub-aerial green montmorillonite clay at the base of the section. The paleosols are clay-rich and contain carbonates that increase in amount upward in the section (Vorob'eva et al., 1987) . We collected two samples in the thin lens of carbonates in the upper part of the section.
2) Laboratory Methods
Samples were powdered using either a mortar and pestle or a Dremel. Stable carbon and oxygen isotope values of carbonates were obtained at the Stable Isotope Biogeochemistry Laboratory, Stanford University, using a Thermo Finnigan Gasbench interfaced with a Thermo Finnigan Delta Plus XL mass spectrometer via a Thermo Finnigan ConFlo III unit. Depending on the samples' carbonate content, between 200 and 5000 µg of sample powder was weighed into sealed vials that were flushed with He gas and reacted with ca. 0.25 ml of phosphoric acid (H 3 PO 4 ) for 1 hour at 72 °C. External precision (1σ) of oxygen and carbon isotope data is generally <0.1‰, based upon repeated measurements of two internal laboratory standards (calibrated against NBS 18, NBS 19, and LSVEC) . The δ 13 C values are reported relative to VPDB; δ 18 O values are reported relative to VSMOW. Results are reported in Table DR2 .
3) Calculation of Soil Respiration Fluxes
To calculate soil respiration fluxes (as presented in Figure 2E -H, main text), we use equations 1 and 2 from the main text. The values we use for the parameters in these equations are listed in DR Table 1 and are widely-accepted values used in previous applications of the CO 2 diffusion-production model of Cerling (1984) (Cerling and Quade, 1993; Ekart et al., 1999; Breecker et al., 2010) . For δ o , we assume -25‰, except for samples from the Siwalik Fm., where the expansion of C 4 grasses is well-documented (Quade et al., 1989; Quade and Cerling, 1995; Sanyal et al., 2004) . For these samples, we use published δ o values from the same publications from which we use the δ 13 C c data. However, there are more δ 13 C c measurements from the Siwalik Fm. than δ o measurements; therefore, we interpolate the δ o measurements where necessary. Though there is evidence that C 4 vegetation also spread to the Loess Plateau (Passey et al., 2009; Zhang et al., 2003) , the δ 13 C c values on the Loess Plateau are relatively low for the entire Neogene, though perhaps this is due to clastic carbonate contamination. Thus, even if δ o was higher on the Loess Plateau due to the presence of C 4 vegetation, estimated soil respiration would be even higher to produce such low δ 13 C c values. For the remaining samples in our compilation, we use -25‰ based upon two lines of evidence suggesting that this is a reasonable estimate for δ o . First, a global compilation of soil organic matter δ 13 C which co-occurs with soil carbonate produces an average value of -25‰ (Montañez, 2013) . Second, model estimates of leaf δ 13 C across Asia range from -28‰ to -23.5‰ (Suits et al., 2005) . We further explore how changes in δ o affect our estimate of soil respiration in DR Section 4 and DR Figure 5 .
To constrain C a , we use a compilation of published estimates of past atmospheric pCO 2 (Badger et al., 2013a; Badger et al., 2013b; Beerling and Royer, 2011; Bijl et al., 2010; Doria et al., 2011; Franks et al., 2014; Maxbauer et al., 2014; Pagani et al., 2009; Pagani et al., 2011; Zhang et al., 2013; Foster et al., 2012; Tripati et al., 2009; Bartoli et al., 2011; Seki et al., 2010) (Fig. DR1) ; however, to avoid circular constructs, we exclude paleosol-based estimates of pCO 2 .
There is large variability in this dataset, which is likely due to uncertainties in the proxy methods themselves, rather than true, high-frequency variations in atmospheric pCO 2 (Beerling and Royer, 2011) . Thus, to smooth this record, we use an Epanechnikov kernel with a 1 Ma bandwidth (Epanechnikov, 1969) and the np package in R (Hayfield and Racine, 2008) . To constrain δ a , we use the estimates of Tipple et al. (2010) (Fig. DR2) . Finally, we interpolate the smoothed C a record and δ a to the estimated age of each δ 13 C c measurement to calculate the soil respiration flux.
In the main text, we assume a spatially-invariant carbonate formation temperature (T) of 25°C to calculate δ s from δ 13 C c . We use this temperature given increasing evidence that soil carbonate forms during some of the hottest months of the year (June, July, and August in Asia) (Hough et al., 2014; Quade et al., 2013; Breecker et al., 2009 ). However, in DR Section 4, we also present an analysis where we use a spatially-varying temperature field to calculate δ s from δ 13 C c (see also DR Figure 9 ). For the remaining parameters, we assume that, in carbonatebearing soils, there is not substantial variability in these parameters and therefore use spatiallyinvariant values to estimate soil respiration (see also sensitivity analyses in DR Section 4 and DR Figures 3-9 
(Eq. DR1).
We report this areal flux measurement in the main text, converted to g C/m 2 /yr. The R code used to calculate the mean δ 13 C c and the soil respiration flux is available at the Stanford Digital Repository (http://purl.stanford.edu/kk523mb1898).
Finally, because it is difficult to present uncertainty in maps of mean data, in Table DR3 , we report uncertainty estimates for both δ 13 C c and for ϕ s . For δ 13 C c , we report the mean (used in producing Fig. 2A-D , main text) and 1 standard deviation. For ϕ s , we first eliminate any negative estimates of ϕ s as these are physically impossible and likely represent non-equilibrium fractionation between soil CO 2 and carbonate (Montañez, 2013) or inaccuracies in one of the parameters (i.e., δ o , T, etc.). We then calculate the mean ϕ s (used in producing Fig. 2E -H, main text) and the 90% confidence interval (i.e., the range from the 5% to 95% quantile). We report the 90% confidence interval in Table DR3 because the equations used to calculate ϕ s do not lead to normally-distributed estimates; consequently, the errors are large. For example, as δ 13 C c approaches the theoretical fractionation between soil CO 2 and carbonate, the estimated ϕ s increases exponentially. Thus, low δ 13 C c results in large uncertainty in estimated ϕ s as these values approach the theoretical equilibrium fractionation between soil CO 2 and carbonate.
4) Sensitivity Calculations and Analyses
The estimated soil respiration fluxes (SR) presented in the main text are subject to uncertainty regarding the numerous parameters in equations 1 and 2 (main text) and equation DR 1. Because we present data spatially, it is difficult to visualize these uncertainties. Therefore, in DR Figures 3-9, we present sensitivity maps, whereby we change the value of one of the parameters and recalculate SR for each locality for the same time bins (i.e., lower Miocene, upper Miocene, Pliocene, and Quaternary) as presented in the main text. We include the R code for these sensitivity analyses in the Stanford Digital Repository (http://purl.stanford.edu/kk523mb1898). Below, we discuss the parameters evaluated and the sensitivity of SR to changes in these parameters.
For these sensitivity tests, we evaluate the effect of 7 parameters on estimated SR: C a , δ a , δ o , z, ż, L, and T. For each of these parameters, we vary the chosen parameter, while keeping all other parameters constant, and calculate the resulting SR. C a and δ a are both time-varying parameters; therefore, for these sensitivity tests, we use the high and low estimates as shown in DR Figures 1 and 2. To calculate the sensitivity of SR to the assumed carbonate formation temperature (T), we compare the results from the main text-which assume a spatially-invariant T of 25°C-with a spatially-varying temperature field. We use NCEP/NCAR Reanalysis II data (Kanamitsu et al., 2002) and interpolate the 2 m surface air temperature field to the pedogenic carbonate locality. For the T sensitivity analysis, we calculate SR assuming that carbonate formation temperatures reflect either annually-averaged temperatures or JJA-averaged temperatures (average surface air temperature of the summer season-June, July, and August). In each of the sensitivity map figures, we present two sensitivity analyses as well as the results from the main text in the center column, which are included for comparison purposes. We do not test the interaction of any of these parameters; instead, the focus of our sensitivity analysis is to identify the importance of single parameters and demonstrate that are results are robust, even given uncertainty in these parameters.
Throughout the entire Neogene, the spatial pattern of SR is not sensitive to any of the tested parameters (DR Figures 3-9 ). Interior Asia-comprising the Tarim and Qaidam basinshas much lower SR than surrounding regions in all time bins. In contrast, the temporal trends are somewhat sensitive to the assumed parameter value. For example, when higher C a is used, upper Miocene SR estimates are consequently higher. This result reflects the fact that-at higher pCO 2 -we model a higher SR to match the observed δ 13 C c . There is growing evidence that midMiocene pCO 2 was higher than previously estimated (Bolton and Stoll, 2013; Bolton et al., 2016; Breecker and Retallack, 2014; Foster et al., 2012) . Thus, higher C a in the mid-Miocene would produce an even larger decrease in SR than presented in the main text (see DR Figure 3I -L).
SR is fairly insensitive to the assumed evolution of δ a over the Neogene (DR Figure 4) . In contrast, SR is more sensitive to the assumed value of δ o (DR Figure 5) , which is poorly constrained, except in the Siwalik Fm. For instance, if δ o is higher than assumed in the main text (-23‰), SR is consequently greater in all time-slices, though the effect is most pronounced in the Miocene. Indeed, the "de-greening" trend is most pronounced if δ o is higher than presented in the main text.
The depth of carbonate formation (z) influences SR, with lower (i.e., shallower) depths resulting in higher SR (DR Figure 6) . At shallower depths in the soil, high δ 13 C atmospheric CO 2 has a greater influence on δ 13 C c . Therefore, we model a higher SR to match the observed δ 13 C c . This effect is not linear (Cerling, 1984; Cerling and Quade, 1993) ; thus, the sensitivity to changes in z is greater for formation depths above 50 cm than for formation depths below 50 cm in the soil. SR is also sensitive to the exact value of ż (DR Figure 7) with the "de-greening" trend most pronounced if ż is lower (15 cm) than presented in the main text. Unfortunately, there are few constraints on the value of ż. In the main text, we follow Cerling and Quade (1993) and use 25 cm. SR is relatively insensitive to the depth of the soil column (L) (DR Figure 8) .
Finally, SR is most sensitive to the assumed temperature of carbonate formation (T) (DR Figure 9 ). Both the JJA-average and annual-average temperatures are generally lower than our assumed formation temperature of 25°C. A lower T produces a higher SR because a lower T has a greater 13 C fractionation during carbonate formation and, thus, a lower δ s . However, despite this sensitivity, the same spatial and temporal trends are evident: interior Asia is surrounded by areas with higher SR and SR decreases into the Quaternary, particularly across Central Asia. Biogeosciences, v. 7, no. 6, p. 1915 -1926 , doi: 10.5194/bg-7-1915 . Borisov, B.A., 1963 Gao et al. (2015) ). Error bars on individual measurements are from the original publication or the revised estimates of Beerling and Royer (2011). The 1 standard deviation uncertainty is not propagated into the calculation of ϕ s in the main text, but the sensitivity to this standard deviation is explored in the sensitivity analysis (DR Section 4 and DR Figure 3 ).
5) References

DR Figure 2:
Atmospheric CO 2 δ 13 C during the Neogene, estimated from the δ 13 C of benthic and planktonic foraminifera. Solid line is used in the main text and is the best-guess estimate from Tipple et al. (2010) . Dashed lines are upper and lower bounds. Data are re-plotted from Tipple et al. (2010) . The upper and lower bounds are not propagated into the calculation of ϕ s in the main text, but the sensitivity to this standard deviation is explored in the sensitivity analysis (DR Section 4 and DR Figure 4 ). Figure 9 : Sensitivity of soil respiration to the temperature of carbonate formation (T). Panels A-D use the annual average 2 m surface air temperature for each locality, derived from NCEP/NCAR Reanalysis II data (Kanamitsu et al., 2002) . Panels I-L use the JJA (June, July, and August) average 2 m surface air temperature for each locality, also derived from NCEP/NCAR Reanalysis II data. Panels E-H are also presented in the main text and use 25°C for all localities. Tables  DR Table 1 For samples from the Siwalik Fm., published measurements of δ o were used, rather than a spatially-invariant, assumed value of -25‰. See DR Section 3 for more details and a list of references and DR Section 4 and DR Figure 5 for a sensitivity analysis regarding this assumption. 2 We choose 25°C as the temperature of carbonate formation due to evidence that soil carbonates form during the hottest months of the year (Hough et al., 2014; Quade et al., 2013) . We present maps of the sensitivity of soil respiration to this parameter in DR Figure 9 . Table 2 : Samples collected for this study and organized by location. δ 18 O is reported relative to VSMOW; δ 13 C is reported relative to VPDB. Estimated age assumes constant sedimentation rates within each formation/member, bound by the minimum and maximum age. The minimum and maximum ages are determined by the bio-and magneto-stratigraphy (detailed in DR Section 1). DR Table 3 : Calculated mean δ 13 C c (‰ relative to VPDB) and soil respiration (g C/m 2 /yr) used to make Figure 2 . "5-95%" refers to the range of the 90% confidence interval on the soil respiration estimate. n refers to the number of samples included in the calculation. Ages (Ma) column refers to the age range of the data. A single age in this column indicates that no stratigraphic position was given and only an approximate age was reported. 3-20.9 Hough et al. (2011) 
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